The Tsuchiya jets (TJs) are narrow eastward currents, located a few degrees on either side of the equator at depths from 200 to 500 m in the Pacific Ocean. In this study, non-eddy-resolving, oceanic general circulation models (OGCMs) are used to investigate the dynamics of the southern TJ. Most solutions are found in a rectangular basin extending 100°zonally and from 40°S to 10°N. They are forced by idealized zonal and meridional winds representing the trades and the southerly winds near the South American coast, by a prescribed interocean circulation (IOC) that enters the basin through the southern boundary and exits through the western boundary from 2°to 6°N (the model's Indonesian passages), and by surface heating that warms the ocean in the Tropics. A suite of solutions is presented to isolate effects of each forcing and mixing process. A few solutions are also found to a global OGCM driven by realistic forcings. Solutions forced by all of the aforementioned processes and with minimal diffusion resemble the observed flow field in the tropical South Pacific. A narrow eastward current, the model southern TJ, flows across the basin along the southern edge of a thick equatorial thermostad, and upwells at the eastern boundary. Its deeper part is supplied by water that leaves the western boundary current somewhat south of the equator. Its shallower part originates from water that diverges from the deep portion of the Equatorial Undercurrent (EUC); as a result, the TJ transport increases to the east and the TJ warms as it flows across the basin. A major part of the water that upwells at the eastern boundary is supplied by the TJ with a minor contribution from the southern boundary region. In idealized-basin solutions without forcing either by the IOC or meridional wind, the TJ is weak or absent. These, and other, properties suggest that the dynamics of the model's TJ are those of an arrested front, which in a 2 1 ⁄2-layer model are generated when characteristics of the flow merge or intersect. When diffusivity is increased to commonly used values, the thermostad is less well defined or even absent and the TJ is weak, suggesting that excessive diffusion is the reason why TJs are not present in many previous OGCMs. In the solution to a global OGCM, the southern TJ still exists without the IOC, although it is warmed by 1°C, indicating that much of its water is supplied by an overturning cell confined within the Pacific basin.
Introduction

a. Observations
The Pacific subsurface countercurrents (SCCs) are eastward jets located along thermal fronts at the poleward edges of thermostad water. They were first reported by Tsuchiya (1972 Tsuchiya ( , 1975 Tsuchiya ( , 1981 and are now commonly referred to as "Tsuchiya jets" (TJs). Their basic properties have recently been summarized by Johnson and Moore (1997) and Rowe et al. (2000) . The jets are only about 1.5°wide, attain peak speeds of 30-40 cm s Ϫ1 with a combined transport of 14 Sv (Sv ϵ 10 6 m 3 s Ϫ1 ), are associated with a jump in potential vorticity across their core, and are flanked by westward flows on their equatorward sides. As they flow eastward, their velocity cores rise and shift poleward from about 300 m and Ϯ3°in the western ocean to 150 m and Ϯ6°in the east, and their core densities decrease. The southern TJ appears to have two branches: a "primary" jet closer to the equator that is shallower and stronger than a "secondary" one farther poleward.
Although the TJs themselves are equatorially confined, their cool temperatures indicate that their source waters lie outside the Tropics. Tsuchiya (1981) argued that they are actually formed northeast of New Zealand, and Toggweiler et al. (1991) suggested that Subantarctic Mode Water is another possible source. In either case, subthermocline and upper-intermediate waters circulate westward and northward about the South Pacific subtropical gyre, move to the equator within the lower portion of the New Guinea Coastal Undercurrent, and some then turn eastward near the equator to supply much of the water for the TJs (Tsuchiya et al. 1989; Tsuchiya 1991) .
The sink regions of the jets are less clear. Horizontal circulation patterns inferred from hydrographic observations (Johnson et al. 2001) suggest that the northern TJ recirculates in the interior ocean, whereas at least part of the southern TJ extends to the South American coast and likely upwells there where sea surface temperature (SST) can be as low as 15°C (Lukas 1986; Toggweiler et al. 1991) . Rowe et al. (2000) argued that part of the TJs in both hemispheres turns equatorward in the eastern ocean to join the Equatorial Intermediate Current (EIC), a westward equatorial current usually located beneath the Equatorial Undercurrent (EUC).
b. Models
Neither the processes that maintain the TJs nor their role in the Pacific general circulation are yet clear. One reason for this lack of progress is that realistic TJs have only recently been simulated in ocean general circulation models (OGCMs), likely because of improved model resolution and decreased mixing (Maltrud et al. 1998; Ishida et al. 1998 ; also see Kitamura and Suginohara 1987 , for a discussion of an earlier OGCM solution with weak TJs). Recently, three different hypotheses have been advanced as to their cause. Two are local in nature, involving only near-equatorial processes. The third is global, involving basinwide adjustments. Marin et al. (2000) developed a local two-dimensional ( y-z) model for the TJs in which density is relaxed toward a background density structure, b ( y, z), in and above the pycnocline, effectively adding a subsurface heat source. The system adjusts to generate a zonal velocity field in geostrophic balance with b , and in so doing an ageostrophic meridional circulation is established with poleward flow just below the pycnocline. Water parcels in this current conserve their angular momentum, resulting in model TJs near Ϯ3°. 〈 limitation of this study is that severe restrictions are required to reduce the three-dimensional equations of motion to two-dimensional form. In an effort to overcome these limitations, Hua et al. (2003) and obtained solutions to an eddy-permitting OGCM in a three-dimensional domain, finding that a similar meridional overturning cell developed in which potential vorticity was conserved from the equator to the TJ latitudes. They did not, however, identify the diapycnal processes responsible for the cell. Jochum and Malanotte-Rizzoli (2004) used an eddypermitting OGCM to study the Atlantic counterparts of the TJs. Using an analysis based on the transformedEuler-mean (TEM) framework, they concluded that eddy fluxes of momentum and density drove the model's SCCs. They attributed the shoaling of the SCC cores to the shoaling of forcing by tropical instability waves (TIWs). They also noted that the shallower part of the southern SCC water is provided by the EUC. Ishida et al. (1998) , Donohue et al. (2002) , and Ishida et al. (2005) reported that the Pacific TJs are particularly well simulated in the Japan Marine Science and Technology Center (JAMSTEC), high-resolution (0.25°horizontal grid with 55 vertical levels) OGCM, noting that the solution contains both primary TJs that do not diverge from the equator and a secondary southern TJ that does. Donohue et al. (2002) and Ishida et al. (2005) found that the eastward lightening of the cores results from isopycnal divergence from, and convergence into, the TJs. Using the TEM approach, Ishida et al. (2005) concluded that the solution's primary TJs are driven by eddy momentum fluxes.
1) LOCAL PROCESSES
2) GLOBAL PROCESSES
In McPhaden's (1984) and McCreary's (1981) solutions to linear, continuously stratified models with vertical mixing, eastward currents resembling the TJs appear as downward-bending lobes attached to the EUC. As reported in McCreary et al. (2002) , the lobes almost vanish in the McCreary (1981) model when the basin has no eastern boundary, indicating that Rossby waves reflected from the eastern boundary are an important part of their dynamics. Limitations of both solutions are that the lobes are not separated from the EUC nor do they diverge from the equator to the east. Johnson and Moore (1997) used a nonlinear, inviscid, 1 1 ⁄2 model, in which the active layer represented a subsurface thermostad of thickness h 2 , to explore the idea that TJs are a free inertial jet. They assumed that h 2 thickened to the east, as the thermostad does in the real ocean, and forced the model by prescribing a jetlike inflow near the equator at the western boundary (or, equivalently, an outflow at the eastern boundary). The resulting interior jet diverged from the equator to the east as it flowed into a region of thicker h 2 , a consequence of the conservation of potential vorticity, ( f Ϫ u 2y )/h 2 , where u 2 is the zonal velocity in the thermostad layer. McCreary et al. (2002, hereinafter MLY) used a hierarchy of models, varying from 2 1 ⁄2-to 4 1 ⁄2-layer systems to explore TJ dynamics, forcing the models both by winds and by a prescribed Pacific interocean circulation (IOC) representing the outflow of water in the Indonesian passages and a compensating inflow from the Antarctic Circumpolar Current. Their solutions indicated that the sinks of the southern and northern TJs are very different, the former driven by upwelling along the South American coast and the latter by upwelling in the ITCZ band. The TJs vanished in a solution without the IOC, suggesting that they are a branch of the Pacific IOC.
The TJs in the MLY solutions are geostrophic currents along arrested fronts generated when Rossby waves propagate away from the sink regions along characteristics that converge or intersect in the interior ocean (Dewar 1991 (Dewar , 1992 . In an inviscid, 2 1 ⁄2-layer model without momentum advection, the characteristic curves, x c (s), y c (s), are defined by an integration of dx c րds ϭ u g Ϫ c r and dy c րds ϭ g , ͑1a͒
where c r ϵ (␤/f 2 )(h 1 h 2 /h)gЈ 12 is the speed of a linear, nondispersive, second-baroclinic-mode Rossby wave, h 1 and h 2 are the thicknesses of the two active layers, h ϵ h 1 ϩ h 2 , gЈ 12 ϵ g( 2 Ϫ 1 )/ is a reduced-gravity coefficient, and ␤ ϵ f y . The quantities u g ϵ Ϫ͓⌿ y ϩ y ր͑f ͔͒րh and g ϵ ͓⌿ x ϩ x ր͑f ͔͒րh ͑1b͒ are the components of geostrophic velocity averaged over the two layers of the model, where
dx curl is the streamfunction of the Sverdrup transport, x e is the location of the eastern boundary, and curl ϵ y x Ϫ x y . For the Pacific winds, g Ͼ 0 in the Tropics so that characteristics bend equatorward toward the west. Since the characteristics are also geostrophic streamlines of the layer-2 flow, a narrow jet can be formed in regions where characteristic curves converge or intersect.
Note that the global theories share common dynamics. Arrested fronts and the lobes in the linear models both involve Rossby waves emanating from the eastern boundary, the waves for arrested fronts emanating from off-equatorial upwelling regions and those for the linear model generated by the reflection of equatorial Kelvin waves. The dynamics of arrested fronts are also consistent with those of Johnson and Moore's (1997) inertial jets, except that relative vorticity does not enter the expression of potential vorticity in the arrestedfront theory.
c. Present research
In this paper, we study the dynamics of the southern TJ using two versions of an OGCM. (We will report results for the northern TJ in a subsequent paper.) Most solutions are obtained in a rectangular basin and on a non-eddy-resolving grid, allowing us to conduct many sensitivity experiments. They are forced by idealized, meridional ( y ) and zonal ( x ) winds by a prescribed IOC with transport M and by a surface heat flux that relaxes the model's surface temperature to a prescribed distribution. To illustrate the influence of each forcing, we obtain a hierarchy of solutions in which the forcings are sequentially added. In addition, we explore the sensitivity of solutions to the forcings and to mixing strengths and parameterizations. We also obtain solutions to a global OGCM driven by realistic forcings.
Key results are the following: Our standard solution to the idealized model, which includes all forcings and has minimal diffusivity, simulates a southern TJ sharing basic TJ properties with the observations. The TJ pathways change with depth, starting from a point closer to the equator along the eastern boundary and bending more sharply equatorward to the west at shallower depths. As a result, water at shallower depths bends poleward from the bottom of the EUC to join the top of the TJ, similar to the Jochum and Malanotte-Rizzoli (2004) solution; this process leads to an eastward increase in the overall temperature of the TJ and contributes to the eastward warming of the EUC core. Removing or reducing forcing by either M or y results in a very weak or no TJ. A similar southern TJ to that of the standard solution exists in the global model when diffusion is weak. Overall, these, and other, properties are consistent with the arrested-front mechanism proposed by MLY.
Model oceans
Our OGCM is a version of "COCO," a level model developed at the Center for Climate System Research, University of Tokyo, which solves a finite-difference form of the standard hydrostatic, Boussinesq, primitive equations on spherical coordinates. We mainly discuss solutions for a rectangular model domain, for which we use COCO 3.4, a newer version with a free surface. We also obtain a few solutions using a global ocean model: a rigid-lid version of COCO (version 2). In the idealized solutions, salinity is held constant at 35 psu so that surfaces of constant temperature and density coincide. Details of COCO can be found in Hasumi (2000) . Here, then, we highlight model features that are specific to our versions.
a. Idealized model
The model domain is a box 100°wide, extending from 40°S to 10°N, and with a flat bottom at 4000 m.
Our focus is on the response between 30°S and the equator, the extra 10°on either side of this region included to minimize boundary effects. Along lateral boundaries, no-slip conditions are imposed for momentum and no-flux conditions for temperature, except at the inflow and outflow ports as discussed below. Most experiments are carried out on a grid with a coarse horizontal resolution of ⌬x ϭ 2°and ⌬y ϭ 1°, which allows 100-yr integrations to be executed quickly. A few runs are obtained on a "fine" grid with ⌬x ϭ 1°a nd a variable ⌬y that is 0.25°north of 10°S, 1°south of 20°S, and ramps linearly between the two regions. The vertical grid has 36 levels with a uniform resolution of 20 m in the top 400 m, gradually decreasing to 540 m near the bottom.
Vertical viscosity is specified by the Pacanowski and Philander (1981) , and the Munk-layer width is 120 km.
During the course of this research, we found that typical values of horizontal and vertical background diffusivities erode the equatorial stratification. For most of our solutions then, we seek to minimize diffusion, the exception being for the test runs reported in section 3c. Specifically, vertical diffusivity is given by the Pacanowski and Philander (1981) parameterization with the maximum diffusivity equal to 0 and the background diffusivity ( b ) set to zero. Laplacian isopycnal diffusion (Redi 1982; Cox 1987 ) is included with a coefficient of I ϭ 10 7 cm 2 s
Ϫ1
. Following Cox (1987) , the direction of mixing is along isopycnals as long as the slope of the isopycnal is below a prescribed critical value. When the isopycnal slope exceeds that value, mixing is in the direction of the critical slope, resulting in a diapycnal diffusive flux. Since salinity is held constant, isopycnal diffusivity has no effect except where the isopycnal slope exceeds the critical value, which is set to 10
Ϫ2
. We do not use the Gent and McWilliams (1990, hereinafter GM) thickness diffusion, except in a test solution reported in section 3c.
Although we minimize explicit diffusion, the model still has numerical diffusion due to its advection scheme. A third-order, one-dimensional scheme based on quadratic upstream interpolation (QUICKEST; Leonard 1979 ) is used for the vertical advection of temperature, and its two-dimensional extension (UTOPIA; Leonard et al. 1993 Leonard et al. , 1994 ) is used for horizontal advection. Error associated with these schemes has characteristics of diffusion, in the simplest case taking the form of biharmonic diffusion (Holland et al. 1998; Webb et al. 1998 ). In addition, the ULTIMATE limiter (Leonard 1991 ) is used to avoid unphysical temperature values. Even with minimal diffusion, numerical noise in our solutions is surprisingly small, probably because of numerical diffusion associated with the advection schemes and to the limiter. Spurious convective adjustment (Griffies et al. 2000; Yamanaka et al. 2000) is found only in small regions of the surface mixed layer where the vertical density gradient is extremely small. There is some 2⌬x or 2⌬y noise in the deep temperature field along the northern boundary, along the eastern boundary near the equator, and at the eastern edge of the inflow port (see below).
The wind stress forcing is an idealized version of the observed Pacific winds, as illustrated in Fig. 2 , and is similar to the one used by MLY. The zonal wind has the separable form
and
where
With this choice for X(x), x attains its maximum strength in the middle of the basin and it vanishes at the eastern and western boundaries. To minimize boundary effects, Y( y) decreases to zero at the southern boundary. The meridional wind has the form y ϭ
G͑y ϩ 15Њ, 30Њ͒ for y Ն Ϫ15Њ.
͑3b͒
In this case, XЈ(x) is largest along the eastern boundary of the basin and is zero for x Ͻ 40°. Profile YЈ( y) weakens northward north of 15°S, as in the observations, and smoothly decreases to zero at the southern boundary to reduce boundary effects. Model SST is relaxed toward a prescribed distribution, T*( y), in the upper 20 m with a time scale of 30 days, where
͑4͒
With this choice, the ocean is increasingly warmed toward the equator, a key aspect for generating a realistic subtropical cell [sections 3a(4) and 3b]. Keeping T* constant between 40°and 30°S helps to reduce zonal currents induced by the SST gradient in this buffer zone.
Unless stated otherwise, we impose an IOC with a transport M ϭ 7.5 Sv by specifying a middepth inflow of cool water across the southern boundary and a shallow outflow of warm water at the western boundary north of the equator. Since our domain extends only to 10°N and there is not much upwelling in the Northern Hemisphere, M is chosen to be roughly half of the observed transport of the Indonesian Throughflow (e.g., Gordon et al. 1999) . The outflow port extends along the western boundary from 2°N to 6°N and from the sea surface to 80 m; zonal velocity across the port is assumed uniform, the meridional velocity is set to zero, and T x ϭ 0. The inflow port is located along the southern boundary for x Ͻ x s ϵ 40°, and both the meridional velocity and temperature fields are specified there (Fig. 1) . Specifically, the meridional velocity is set to
13, and the maximum velocity 0 is set so that the inflow transport is M. The inflow temperature is specified by integrating the thermal wind relation westward from x ϭ x s with
Note that the bottom of the inflow port, z b (x), deepens to the west, a property needed to ensure that the thermal-wind relation does not result in density inversions. Similarly, ␥ is set to keep the velocity peak as far from the surface as possible, while at the same time avoiding density inversions. The value of x s is arbitrary as solutions are not sensitive to its value: Our choice ensures that the width of the inflow port is wide enough to allow an accurate representation of the thermal wind; at the same time, its eastern edge is far enough from the eastern boundary not to interfere with processes there. According to Eqs. (5), the temperature of the inflow water ranges from 5°to 15°C, with about 70% of the transport lying between 9°and 13°C. Because the temperature distribution is fixed at the inflow port, a temperature jump typically occurs at x ϭ x s . The jump generates spurious upwelling and downwelling near x ϭ x s and some 2⌬x noise to the east of x ϭ x s ; this noise, however, does not spread into the interior ocean and hence does not impact our results. Each integration starts from a state of no motion with a horizontally uniform temperature that is 15°C from the sea surface to 140 m, decreases linearly to 5°C from 140 to 685 m, and is 5°C below. In the Tropics, solutions attain a quasi-stationary state within 50 years or so. At midlatitudes, though, the adjustment takes considerably more time, a consequence of the slow propagation speed of higher-vertical-mode Rossby waves, and these adjustments feedback to modify the tropical circulation. To allow for these slower adjustments, the integration time for solutions is almost always 120 years and all results shown below are annual averages of solutions during the final year. The sole exception is for solution H1, which evolves much more slowly because of the lack of dynamical upwelling; for this solution, the integration time is 1500 years with acceleration for the temperature equation (Bryan 1984; Wang 2001 ) and the results shown are averages during the last four years of the integration.
b. Global model
The global OGCM is the one used by Nakano (2000) and Nakano and Suginohara (2002a,b) . It has a realistic World Ocean bathymetry without the Arctic Ocean, its horizontal resolution is 1°ϫ 1°, and there are 40 levels in the vertical with a resolution of 50 m near the surface, gradually decreasing to 200 m near the bottom.
The model uses similar advection schemes to those described above and includes three forms of diffusion: isopycnal diffusion, GM thickness diffusion, and background horizontal diffusion with coefficients of 10 ϫ 10 6 , 7 ϫ 10 6 , and 1 ϫ 10 6 cm 2 s Ϫ1 , respectively. The vertical diffusivity is 0.1 cm 2 s Ϫ1 from the surface to 500 m and gradually increases to about 2.7 cm 2 s Ϫ1 near the bottom. The vertical viscosity is 10 cm 2 s Ϫ1 at the sea surface, decreases to 1.0 cm 2 s Ϫ1 at 150 m, and remains constant thereafter. Horizontal viscosity is uniformly 2.5 ϫ 10 8 cm 2 s
Ϫ1
. Some weak, spurious, convective adjustment occurs within the equatorial thermostad. When the vertical diffusivity is set to zero in the Tropics (see below), the thermostad becomes thicker and the frequency of convective adjustment increases. This convection, however, occurs only where the vertical density gradient is already small, and hence does not impact our results.
Surface boundary conditions are determined from monthly climatological observations; they are the wind stress of Hellerman and Rosenstein (1983) , a Haney (1971) condition for SST based on da Silva et al. 's (1994) data, and the freshwater flux of da Silva et al. (1994) . In addition, sea surface salinity is weakly restored to Levitus et al.'s (1994) climatological values with a time scale of 200 days.
Starting from the final state of Nakano and Suginohara's (2002b) solution, we integrated the model for an additional 500 years with momentum acceleration (Bryan 1984) over the whole depth and tracer acceleration at levels below 1000 m, followed by a synchronous (unaccelerated) integration of 50 years (solution G1). Starting from the final state of solution G1, a second solution is obtained by integrating the model synchronously for 50 years with reduced vertical diffusivity in the Pacific basin (solution G2); specifically, vertical diffusivity there is multiplied by a factor that is 0 for |y| Ͻ 20°and |z| Ͻ 400 m, 1 for |y| Ն 30°or |z| Ն 800 m, and ramps smoothly between the two regions. Last, starting from the final state of solution G2, a third 50-yr solution is obtained with the Indonesian passages closed by connecting Malaysia/Singapore, Borneo, Celebes, and the Northern Territory of Australia (solution G3). Fifty years may not be enough for solution G3 to reach an adequate equilibrium after the closing of the Indonesian passages, so the solution should be viewed with some caution. Annual averages from the final years of the three solutions are shown in section 3d.
Results
We first present a hierarchy of solutions to the idealized model that adds forcings in an orderly manner, the final and most realistic of which is our standard run (solution H5, section 3a). Then, we discuss sensitivities of the standard run to forcings (section 3b) and to mixing and grid resolution (section 3c). Table 1 lists all the idealized-model solutions discussed and summarizes the differences among them. We conclude by reporting solutions to the global model, comparing them with their idealized counterparts (section 3d).
FIG. 1. Prescribed meridional velocity (cm s
Ϫ1
, shading) and temperature (°C, contours) at the inflow port.
To illustrate the structure of solutions, we plot x-y maps of velocity vectors integrated between two isotherms together with various scalar quantities (Figs. 2, 5, 9, and 10) and y-z sections of zonal velocity and temperature (Figs. 3, 4, 7, 8, and 10) . Most of the vector maps are integrations over the depth range between 6°a nd 14°C isotherms, and we refer to this integrated flow as the solutions' "subsurface" velocity field. Recall that the temperature of the inflow water ranges from 5°to 15°C. We restrict the integration range somewhat because 5°C does not define the bottom of the inflow well and 14°-15°C water is very close to the surface or even outcrops at some locations and, hence, is affected by the Ekman layer. Shaded regions on the maps indicate regions where water leaves (blue) and enters (red) the layer; in most regions, flux through the upper surface (14°C) dominates. In regions where temperature gradients are large, these estimates are prone to numerical error; in particular, flux into the subsurface layer (red) is questionable in solutions with minimal diffusion.
a. Hierarchy
There are several ways to organize a hierarchy of solutions. Here, we begin with a solution forced only by M, and then sequentially add forcings by y and x . This ordering is useful because the TJ is weak in solutions with weak M (section 3b). It also follows the ordering in the hierarchy reported by MLY, and, whenever useful, we compare solutions in our hierarchy with their 2 1 ⁄2-layer counterparts.
1) SOLUTION FORCED ONLY BY M
When M is switched on, the barotropic response spins up rapidly in only a few days. It consists of a direct flow from the inflow to the outflow port along the southern and western boundaries. Since the inflow water is deep and cold and the outflow water is shallow and warm, the spinup also involves a slower baroclinic response. In response to M, baroclinic coastal Kelvin waves propagate rapidly from the source and sink regions to the equator, propagate eastward along the equator as equatorial Kelvin waves, and reflect from the eastern boundary as packets of Rossby waves. These processes act to replace warm upper-ocean water with cool inflow water, and thereby to shallow the initial thermocline. Since interior diffusion is minimal, the shallowing must continue until the system is able to accommodate the IOC without significant upwelling in the interior ocean. Figure 2a plots the subsurface flow field after 1500 years. Similar to the barotropic response, almost all the inflow water flows first westward along the southern boundary and then northward in a western boundary current to exit through the outflow port, with only a broad, weak, eastward current remaining in the interior ocean (too weak to be visible in Fig. 2a ; see Fig. 3a instead). As it flows northward (Fig. 2a) , the subsurface layer thins, consistent with the tendency to conserve potential vorticity. It is this shoaling that allows most of the cold water to exit directly through the outflow port without needing to be warmed. On the other hand, the lowest temperature of the outflow water is 9.6°C; the inflow water below this temperature upwells mainly near the inflow and outflow ports because of numerical diffusion. Figure 3a illustrates the vertical structure of the zonal velocity and temperature fields in the middle of the basin (at x ϭ 50°). The stratification is very unrealistic, 
with water colder than 15°C present everywhere below the first level of the model. Within the upper 100 m, there is a broad, weak, westward flow overlying eastward flow (neither visible in Fig. 2a because the westward flow is above 14°C and the eastward flow is too weak). The two currents are joined by upwelling along the equator and near the eastern boundary, where water in the subsurface current is warmed by surface heating. Interestingly, examination of vertical profiles of velocity shows that the largest westward velocity off the equator occurs at the second level of the model (z ϭ 20-40 m), a consequence of the first level including an eastward contribution directly forced by T* y . Table 2 provides various subsurface transports for solution H1 (and other solutions), listing the inflow transport of water with a temperature below 14°C and 538 upward transports across the 14°C surface (blue areas in Fig. 2 ) in three regions, namely, the eastern boundary, the equatorial band, and elsewhere. Definitions of these regions are found in the table caption. There is 7.0 Sv of inflow across the southern boundary below the 14°C isotherm. Of this amount, 5.2 Sv flows directly to the outflow port without having to upwell across 14°C. Of the remaining 1.8 Sv, 1.6 Sv upwells within 6°of the western boundary with the strongest upwelling located near the outflow port (Fig. 2a) and 0.16 Sv upwells within 5°of the southern boundary near the inflow port. The remainder (0.04 Sv), due to numerical diffusion or heating in the first level, is distributed mainly near the eastern boundary and along the equator; it allows the existence of the shallow interior currents noted above.
Last, we note that solution H1 differs markedly from its counterpart in the 2 1 ⁄2-layer model, which has a strong eastward equatorial jet in layer 2. (We used the numerical, 2 1 ⁄2-layer model of MLY to obtain this result.) In the layer model, all outflow occurs in layer 1, not above a specified depth as in our OGCM. As a
consequence, all the subsurface (layer 2) inflow must upwell into layer 1 somewhere in the basin. It does this in regions where layer 1 is thinnest, namely, at the inflow and outflow ports and along the equator, the latter upwelling driving the equatorial jet. The baroclinic response, however, differs considerably from the previous case. Within a day or so, a zonally uniform, westward, surface Ekman drift is established across the interior of the basin in the Southern Hemisphere. At the eastern boundary, the offshore Ekman drift drains upper-layer water from the coast, and Kelvin waves propagate southward along the coast, establishing a baroclinic pressure gradient (thermocline tilt) that balances y . For our y , the tilt is large enough for the thermocline to surface some distance from the equator, allowing cool subsurface water to upwell into the surface layer. The upwelled water is rapidly warmed by the surface heating and flows westward across the basin within the surface Ekman layer. Subsequently, Rossby waves propagate westward across the basin, carrying the thermocline tilt with them, and hence generate a basinwide, eastward, geostrophic, subsurface current that compensates for the surface Ekman drift. Analogous processes occur in the Northern Hemisphere, leading to a basinwide deepening of the thermocline there. Figure 2b illustrates the subsurface flow field of the steady-state response, showing the aforementioned, eastward interior flow and its connection to the eastern boundary upwelling region. (The upwelling region, indicated by the blue area in Fig. 2b near the eastern boundary, appears to shift offshore to about 97°longi-tude south of 27°S, a consequence of the 14°C isotherm outcropping there.) The property that the subsurface flow is directed entirely eastward is consistent with the corresponding solution to a 2 1 ⁄2-layer model. Since curl ϭ y x ϭ 0 and hence g ϭ 0, the characteristic curves (1) are oriented due west; as a result, h x ϭ 0 and the layer-two flow lies along latitude circles. Figure 3b illustrates the vertical structure of the solution at x ϭ 50°. Because y is x independent, similar profiles exist across the basin. North of about 10°S, there is a warm water mass in the upper 100 m. Its base, the tropical thermocline, tilts upward to the south (because of Rossby wave propagation from the eastern boundary), and consequently tropical water vanishes near 10°S. Away from the equator ( y տ 5°S), the flow field consists of westward Ekman drift overlying eastward, geostrophic currents. North of 10°S, the eastward flow is contained within the tropical thermocline (z Ͼ Ϫ100 m), associated with the southward rise of isotherms warmer than 15°C. South of 10°S, eastward flow extends to much deeper levels, a consequence of the lack of the tropical thermocline. It is associated with a southward rise of isotherms colder than 9°C.
The currents have a more complex structure near the equator (|y| Ͻ 5°). There is a shallow, across-equatorial, overturning cell located mostly above the tropical thermocline but extending into its upper part because of diffusion (Stommel 1960; Philander and Delecluse 1983; Miyama et al. 2003; see McCreary 1985, for an overview) . This "equatorial roll" is associated with eastward flow in its south/subsurface and north/surface quadrants, and westward flow in the south/surface and north/subsurface quadrants (Fig. 3b) . Just below the tropical thermocline, there is an eastward, equatorial current. Part of it upwells as it flows eastward (the blue bands along the equator dominate the red ones in Fig.  2b) , the upwelling associated with the equatorial roll, and the rest downwells to provide water for the westward, equatorial jet located near 300 m. The cause of the westward current is not clear. Interestingly, in a solution with b ϭ 0.01 cm 2 s Ϫ1 but otherwise with exactly the same parameters and forcings (not shown), the westward current disappears and the eastward current weakens correspondingly.
The subsurface transports listed in Table 2 illustrate a profound difference between solutions H1 and H2. In solution H2, the direct outflow of water with a temperature below 14°C is negligible (cf. 5.2 Sv for solution 
H1), so that essentially all subsurface water upwells before it exits the basin. Of the inflow transport (7.0 Sv), 4.3 Sv upwells along the eastern boundary and 0.8 Sv upwells along the equator. The remaining 1.9 Sv upwells within 6°of the western boundary (0.8 Sv) or is broadly distributed elsewhere in the basin (1.1 Sv); the main mechanism of upwelling for both regions seems to be direct upwelling into the mixed layer, the 14°C isotherm being extremely shallow in the 10°-15°S zonal band as can be seen in Fig. 3b . An important consequence of the eastern boundary upwelling is that it converts much of the cold inflow to warm water, thereby eliminating the necessity to drain as much warm water from the basin for the system to reach equilibrium and allowing the existence of a warm tropical thermocline.
3) SOLUTION FORCED BY M AND y WITH CURL
When XЈ is given by (3a), y tapers off to the west so that there is wind curl in the interior ocean. There is therefore a Sverdrup interior circulation consisting of northward transport in the region of wind curl, V s ϭ y x / ␤. The associated zonal currents are given by U s ϭ Ϫ͐
, which for profile (3b) consist of westward transport north of 15°S and eastward transport south of 30°S. (There is also eastward transport, negligible for our purposes, between 15°and 30°S due to ␤ y .) As a result, some of the barotropic inflow first flows eastward along the southern boundary where y y Ͼ 0 and recirculates in the Sverdrup gyre before exiting the basin.
The baroclinic adjustment is similar to that for solution H2. In this case, however, the westward Ekman drift south of the equator weakens to the west as y does, vanishing for x Ͻ 40°. Instead, there is a source of baroclinic Rossby waves forced by the interior wind curl, and, after their passage a westward, near-surface geostrophic current is established that replaces the surface Ekman drift farther to the east. The water that upwells at the eastern boundary is thus carried westward first by the Ekman drift and then by a nearsurface geostrophic current before it exits the basin.
Only part of the inflow flows westward along the southern boundary, the rest first flowing eastward and then bending northward in the region of the wind curl (Fig. 2c) . Some of this northward current turns eastward to flow to the upwelling region at the eastern boundary, similar to the eastern portion of the eastward current in solution H2 (Fig. 2b) . Most of it, however, turns westward to flow across the basin to join the western boundary current south of 15°S. Most of the western boundary current then bends eastward south of the equator to flow across the basin to the eastern boundary, generating the solution's southern TJ. West of x ϭ 55°, the maximum TJ speed is located near 8°S (Fig. 3c) . Beginning near 60°, the maximum bends southward, shifting to 10°-12°S near the eastern boundary.
Neither the westward flow nor the TJ corresponds to currents of the Sverdrup (depth averaged) gyre, an indication of their fundamentally different dynamics. Indeed, the southward shift of the model TJ to the east is consistent with the bending and intersection of characteristics in (1a) in the analytical, 2 1 ⁄2-layer model in the region where y x Ͼ 0 (see, e.g., Fig. 5 of MLY) . We conclude that similar dynamics account for the jetlike structure and southward bending of the TJ in solution H3. Figure 3c illustrates the vertical structure of the TJ at x ϭ 50°. Its core is located at 8°S and 230 m and has a temperature of 11.5°C. Near the equator, the thickness of the 9°-14°C layer is about the same as that of solution H2. In contrast, the southward rise (drop) of isotherms for T Ͻ 12°C (T Ն 12°C) from 5°-10°S is much larger, resulting in a more realistic, equatorially confined thermostad. Since x ϭ 0, it is interesting that a thermostad exists at all: It exists because M introduces water in the 9°-14°C temperature range, while y forces an eastward, geostrophic current that carries this water to the eastern boundary upwelling region. In contrast to the observed thermostad, however, its thickness is nearly constant zonally, eastward thickening of the thermostad occurring only when x 0 [section 3a(4)]. There are several other noteworthy currents visible in Fig. 3c . The near-surface, westward jet near 9°S is associated with the TJ, confirming the baroclinic nature of its dynamics: There has to be a westward current in the surface layer to cancel the TJ so that the vertically integrated circulation is Sverdrup flow (MLY). Consistent with geostrophy, isotherms slope downward to the south beneath this current, so the tropical water mass is much thicker than it is in solution H2. There is another baroclinic current pair south of 15°S, its surface expression reminiscent of the Subtropical Countercurrent. Like the TJ pair, it appears to result from Rossby wave propagation along equatorward-bending characteristics, in this case with characteristics emerging from the southern boundary where y x is largest. Near the equator, there is another current pair consisting of westward surface flow overlying an eastward equatorial jet within and just beneath the tropical thermocline. Farther to the east where y is larger (at x ϭ 80°, say), the response looks very much like that for solution H2, and the equatorial current pair at x ϭ 50°is clearly linked to this circulation.
Similar to solution H2, the outflow transport at temperatures below 14°C is small (0.3 Sv, not listed in Table 2 ) so that almost all the inflow upwells somewhere in the basin before it exits. Out of the net inflow of 6.8 Sv, 5.1 Sv upwells in the eastern boundary region and only 0.4 Sv in the equatorial region. These values are similar to those of solution H2, presumably because the wind stress at the eastern coast is the same in both solutions. Thus, a similar amount of subsurface water crosses the domain from west to east in solution H3. The main effect of the wind curl, then, is to alter the path of the flow from a single, broad, zonal current in solution H2 to two sources in solution H3, from the TJ and the southern boundary. (2) is included, the interior ocean is forced by an additional region of positive wind curl south of 20°S. According to (2b), it drives an anticlockwise subtropical gyre with its maximum northward velocity at 30°S, eastward flow for y Յ 30°S, westward flow for 30°S Ͻ y Յ 20°S, and a southward western boundary current. This depth-averaged circulation is superposed on the barotropic current driven by y and M. The steady-state baroclinic response driven by x includes a shallow overturning circulation, the subtropical cell (STC; McCreary and Lu 1994; Liu et al. 1994; Lu et al. 1998; Rothstein et al. 1998; Huang and Liu 1999) . In this cell, surface water subducts into the thermocline in the subtropics, flows to the equator within the thermocline, upwells in the eastern, equatorial ocean, and flows poleward in the surface layer to close the circulation. The zonal wind also drives the EUC, and the STC is the main source of water for the shallower part of the EUC above 15°C (the minimum of T*).
Figures 2d and 2e show the subsurface flow fields for solutions H4 and H5, for which the wind amplitude is weak ( x 0 ϭ Ϫ0.125 dyn cm
Ϫ2
) and strong ( x 0 ϭ Ϫ0.5 dyn cm Ϫ2 ), respectively. Because of the additional Sverdrup flow, the circulation south of 20°S is stronger, and most (solution H4) or all (solution H5) of the inflow bends eastward along the southern boundary and recirculates in the subtropical gyre south of 20°S. Consistent with this change, note that the western boundary current south of 30°S is weakly northward (solution H4) or southward (solution H5). Figure 4d shows the depth of the 9°C isotherm, which is approximately the deepest isotherm that outcrops at the eastern boundary, in solution H5. There is a well-defined front delimiting the southern edge of the thermostad and the TJ in Fig. 2e (see also Figs. 4a-c) . The overall pattern of this depth field is remarkably similar to that of MLY's corresponding solution (the bottom panel of their Fig. 6c) .
In solution H4, the eastward current that includes the TJ shifts farther equatorward when compared with that of solution H3, and the lower part of the EUC is now apparent along the equator (Fig. 2d) . In solution H5, the eastward flow has two distinct branches, the model TJ and the lower part of the EUC. Part of the water that diverges from the EUC joins the southern branch, the rest bending southward near x ϭ 80°to flow to the eastern boundary (see the discussion of Fig. 5 ). The transport of the southern branch increases as it flows eastward because of influx from both the EUC and the southern boundary. Figures 3d and 4 illustrate the vertical structures of solutions H4 and H5. Solution H4 has a weak EUC, and the upper part of the TJ is connected to the EUC. In comparison with solution H3 (Fig. 3c) , the core speed of the TJ is slightly stronger, its location is shifted 1°-2°c loser to the equator, and isopycnal slopes are stronger equatorward of the TJ core. Note also that in solution H4 the equatorial, eastward flow is located within the tropical thermocline (the EUC) whereas in solution H3 it is located beneath the thermocline, an indication of their fundamentally different dynamics. Solution H5 has a much stronger EUC, and the bottom of its EUC shifts to higher temperatures toward the east (cf. Figs. 4a-c). At all three locations, the TJ has a well-defined core separate from the EUC. Consistent with the observations, the TJ core depth and temperature rise to the east and the thermostad thickens, the latter a consequence of the zonal tilt of the thermocline due to x . In contrast to the observations, though, the TJ core shifts poleward toward the east only slightly (Շ1°), the poleward shift evident only in the depth-integrated flow (Fig. 2e ) and in individual sublayers as discussed next. Figure 5 plots horizontal velocity vectors from solution H5 integrated over four sublayers, which illustrate three different types of flow paths. In the 12.5°-13°C sublayer, water from the bottom of the EUC bends southward in the east to flow to the eastern boundary. In the 11°-11.5°C and 10.5°-11°C sublayers, water in the bottom part of the EUC diverges to join the TJ farther to the west; however, instead of smoothly bending off, the current abruptly shifts southward, resulting in a zone of minimum zonal velocity. The 9°-10°C sublayer is deeper than the bottom of the EUC, and the source of its water is the western boundary, as in solution H3. The two branches of the eastward flow seen in Fig. 2e are a vertical superposition of these three types of flow. Figure 5 also makes it clear why the TJ core shifts to lighter density as it flows eastward: It is continuously supplied by increasingly shallow water as it flows eastward. Corresponding velocity maps for solution H4 are similar to those for solution H5 except the bottom of the EUC smoothly bends off southward, allowing the EUC and TJ to remain attached. The pole-ward shift of the TJ pathways to the east in each layer is very apparent in the maps. Indeed, the pathways are similar to those of the characteristics in the 2 1 ⁄2-layer model (Fig. 5 of MLY) , supporting the idea that the two systems share a common dynamics. Figure 5 also plots potential vorticity (PV) on the isotherm at the middle of each sublayer. In each layer, PV is conserved along the TJ and decreases sharply across it to the south, consistent with Johnson and Moore (1997) and MLY. Water from the EUC does not always conserve PV when it joins the TJ, the two currents typically being separated by a zone of smaller PV values. This feature may be due to the large value of h in solution H5, as it also exists in our fine-grid solution with the same value of h (solution F1) but not in one with a lower value (solution F2, Fig. 9 ).
Values of subsurface transports for solutions H4 and H5 are similar to those for solution H3 (Table 2) , with the eastern boundary region being the largest sink of subsurface water by far. To describe the sources and sinks of the TJ more quantitatively, Fig. 6 plots various transports across the basin for solution H5. Most of them are defined relative to a three-dimensional box with its bottom and top defined by the depths of the 6°a nd 14°C isotherms, its western and northern boundaries fixed at x ϭ 0 and y ϭ 0, a moveable eastern boundary at x ϭ x e , and a southern boundary along the southern edge of the TJ, y ϭ y s (x, z). To define the surface y s (x, z), the 6°-14°C layer is divided into sublayers, each 1°C thick. In each sublayer and for each x, y s (x, z) is the latitude south of the TJ core where ͐u dz changes sign or reaches a local minimum, whichever is closer to the equator; if neither criterion occurs north of 30°S, which happens only near the eastern and western boundaries, y s (x, z) is not defined and the velocity components for the sublayer are taken to be zero; for an x where the TJ does not exist, as for x Ͻ 70°in Fig. 5a,  y s (x, z) is the latitude where ͐u dz first changes sign south of the EUC core. Integrating the continuity equation over this box gives where U e , U w (ϵ0), V s , V n , W b , and W t are the transports of normal velocity across the eastern, western, southern, and northern boundaries, and the bottom and top of the box, respectively. Transport U e includes contributions from both the lower part of the EUC and the TJ. To separate them, we define 4°S to be the poleward limit of the EUC (see Figs. 4 and 5) , and the part of U e that lies on the TJ side of 4°S is plotted in Fig. 6 (dashed 
curve labeled TJ). The EUC transport is measured by U e Ϫ TJ. Figure 6 plots some of these transports as a function of x ϭ x e . Within 10°of the western boundary, there is a northward transport (V s ) of 5 Sv into the box with 1.5 Sv escaping to the Northern Hemisphere (V n , not shown), resulting in a net influx, ⌬V ϭ V s Ϫ V n , of 3.5 Sv that is converted to U e (x). Transports U e and ⌬V are roughly constant until about 45°, where they begin to increase by absorbing currents from the south (Fig. 2e) . They also begin to diverge east of 45°, U e being weakened by upwelling across the upper surface (W t ). Transport U e attains a maximum of about 5 Sv at 96°, and at this longitude about ⌬V Ϫ U e ϭ 0.5 Sv of water has upwelled through the upper surface, almost all of it between 5°S and the equator. This 5 Sv of U e finally upwells along the eastern boundary. Thus, about 3.5 Sv of the water that upwells along the eastern boundary comes from the western boundary or the equator, the remaining 1.5 Sv coming from the south. Recall that the upwelling transport at the eastern boundary in Table 2 (5.8 Sv) is larger than the maximum of U e ; this difference happens because a direct transport from the southern to the eastern boundary near the southeastern corner of the basin (Fig. 2e) is included in Table 2 . The TJ part of U e (dashed curve) increases toward the east, becoming almost equal to U e at the eastern boundary; part of this increase is due to V s and the rest is from the EUC. Figure 2f shows the horizontal structure of the subsurface velocity field when y ϭ 0 (solution P1). In marked contrast to the solutions with y 0, out of the 7.0 Sv of subsurface inflow, 5.4 Sv upwells along the equator and only 0.1 Sv along the eastern boundary ( Table 2) . As a result, the eastward subthermocline current is very weak (Fig. 7a) , confirming that coastal upwelling is critical for maintaining a significant southern TJ. (There is also a weak jet in a x -only solution to MLY's 2 1 ⁄2-layer model driven by weak eastern boundary upwelling. The weak eastward current in our solution P1 may have a similar cause.)
b. Sensitivity to forcings
In solutions H2ϪH5, cold water is converted to warm water by surface heating when it upwells to the surface at the eastern boundary. For this situation to be a possible equilibrium state, there must be a supply of cold water to the lower layer and a sink of warm water from the upper layer. (With M ϭ 0, water must warm to be 15°C or warmer throughout the basin.) To illustrate the influence of M, we obtained a test solution in which M is reduced by a factor of 10 to 0.75 Sv (solution P2). The resulting TJ is much weaker and the thermostad water is warmer (Fig. 7b ) than for the standard run (Fig. 4) . The IOC is thus essential for the existence of the TJ in our idealized model, consistent with the MLY layermodel results. As discussed in section 3d, however, this property does not hold for solutions to our global OGCM.
As noted above, water in the tropical thermocline (15°C Ͻ T Ͻ 25°C) is carried from the subtropics by the STC. When T* ϭ 25°C (solution P3), there is no source of this water. As a result, the thermocline of solution P3 (Fig. 7c) is much sharper than that of solution H5. In addition, the TJ is much weaker because upwelling at the eastern boundary is weaker (2.7 Sv, cf. 5.8 Sv in solution H5). The second most significant upwelling region is located within 5°of the southern boundary (1.4 Sv), likely a consequence of the large near-surface temperature gradient there: the first level of the model is kept close to 25°C whereas cool inflow water is located at all deeper levels. The remaining upwelling is broadly distributed, probably again because of the presence of the warm mixed layer.
c. Mixing and resolution
It is interesting that our solution H5 has a southern TJ, whereas solutions to other coarse-resolution models do not. A probable cause is the differences in mixing parameterizations among the models. In this section, then, we investigate the influence of several diffusion schemes and strengths on the model TJ. To conclude, we report a solution obtained using our fine grid in order to investigate the effect of weaker viscosity. , the latter being the smallest value commonly used in OGCMs. Since these solutions change smoothly from b ϭ 0 to b ϭ 0.1 cm 2 s
Ϫ1
, only the solution with the largest value is reported here (solution M1).
The TJ is weaker than it is in the standard run and it smoothly attaches to the EUC (Fig. 7d) . In addition, the thermocline is more diffuse and the thermostad less well defined than in the standard run. Out of the 6.9-Sv net inflow below the 14°C isotherm, the upwelling transport across the 14°C isotherm is 2.5 Sv in the eastern boundary region and 1.5 Sv in the equatorial region (Table 2 ), in comparison with 5.8 and 0.4 Sv, respectively, in the standard run. We conclude that the TJ and the thermostad deteriorate because the inflow of cold water is partly lost as a result of upward mixing outside the eastern boundary region.
Although the use of isopycnal diffusion has become increasingly popular, horizontal diffusion is still often included in OGCMs to aid numerical stability. To explore its effects, we obtained a solution including horizontal diffusion with a coefficient of h ϭ 10 6 cm 2 s
without isopycnal diffusion (solution M2). The distribution of upwelling across the 14°C isotherm is not significantly different from that of the standard run (Table 2) , and the subsurface flow field is also similar. 
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A comparison between Figs. 4b and 7e, however, shows that the core temperature of the TJ in solution M2 is about 0.4°C higher and the thermostad is less thick than in the standard run, and the upper part of the TJ now attaches to the EUC. To test the impact of the GM diffusion parameterization, we obtained a test run like solution H5 but also including GM diffusion with a mixing coefficient of 10 7 cm 2 s Ϫ1 (solution M3). Figure 7f shows that the resulting meridional temperature gradients are much smaller, and the corresponding peak speed of the TJ is much weaker than in solution H5. These features are consistent with the property that the GM parameterization reduces horizontal thickness gradients without introducing extra diapycnal mixing. Although the value of 10 7 cm 2 s Ϫ1 is a typical choice for a model with our resolution, it is clearly too large to allow for a distinct TJ in our idealized model.
2) VISCOSITY AND RESOLUTION
Numerous studies of the tropical ocean circulation have shown that the speed and width of the EUC are sensitive to the parameterization of horizontal viscosity (Maes et al. 1997; Large et al. 2001; Pezzi and Richards 2003) . An eddy viscosity of h ϳ10 7 cm 2 s Ϫ1 in noneddy-resolving models allows for an EUC that is comparable to observations in speed and width, and a similar mixing strength can be inferred from observations (Bryden and Brady 1989) . In our coarse-resolution model, however, such a mixing coefficient is too small to control numerical noise. Here, then, we obtain solutions on our fine grid using large ( h ϭ 10 8 cm 2 s Ϫ1 , solution F1) and small ( h ϭ 10 7 cm 2 s
Ϫ1
, solution F2) values of h . As expected, solution F1 (not shown) is virtually the same as solution H5, demonstrating that neither the somewhat broad meridional scale of the equatorial currents nor the lack of PV conservation when the lower part of the EUC joins the TJ [section 3a(4)] is due to the coarse horizontal resolution. Figure 8 shows meridional sections of zonal velocity and temperature for solution F2. The EUC is narrower and stronger than in solution H5 (Fig. 4) , and a westward current clearly separates the TJ from the EUC. In addition, the TJ has two cores, both of which rise to the east, and it appears to have a third core at 80°. Figure 9 plots velocity vectors and PV for the same temperature bands as in Fig. 5 . In contrast to the flow paths in Fig. 5 , water that leaves the EUC to join the TJ in the middle two bands, and to a lesser extent in the top band, first reverses to flow westward in a narrow jet flanking the EUC before joining the TJ. Interestingly, PV tends to be conserved for the EUC water that joins the TJ, suggesting that the PV gap between the EUC and TJ in solution H5 is due to large horizontal viscosity (Figs. 5b and 5c ). The TJ cores seen in the meridional sections of Fig. 8 are thus different jets on different isotherms. The reason for the existence of multiple cores is not clear, but a probable factor is the requirement to conserve PV.
Despite the additional westward jets, the transport curves for solution F2 are similar to those for Fig. 6 , supporting the idea that the essential TJ dynamics are the same as those for solution H5. On the other hand, the coastal upwelling and, hence, TJ transport decrease by 1.0 Sv, being replaced by strengthened equatorial upwelling ( Table 2 ). Given that both solutions lack explicit diffusion, this change is surprising. We conclude that it must occur because of increased numerical diffusion in solution F2 due to its faster currents. This conclusion is supported by solutions with even finer resolution and smaller viscosity (not shown) in which numerical diffusion begins to erode the thermostad. In contrast to the other solutions, solution F2 develops TIWs. In the Northern Hemisphere, meridional ve- . The TIW activity rapidly weakens both south of 2°S and below the thermocline, and at the core of the southern TJ near 6°S the maximum and rms meridional velocity anomalies are Շ1.4 and Շ0.8 cm s
. We conclude that effects of eddies on the TJs in solution F2 are insignificant.
d. Global model
We obtained solutions to a global OGCM to determine whether a TJ like those in our idealized solutions exists in a more realistic setting. The setup of these solutions is described in section 2b. Figure 10a shows zonal velocity and temperature fields at 110°W in solution G1. There is a TJ much like the one in solution M1 (Fig. 7d) at the edge of a similarly diffuse thermostad. When the background vertical diffusivity is set to zero in the upper tropical Pacific (solution G2), the thermostad thickens, the TJ strengthens, and its core is separated from the EUC (Fig. 10b) , similar to solution H5 (Fig. 4b) . Figure 10d shows the subsurface velocity field for solution G2. Instead of forming two branches of eastward currents as in solution H5 (Fig. 2e) , the lower part of the EUC smoothly bends off the equator to become the southern TJ, probably because the EUC is broader in the global model because of its having stronger horizontal viscosity and GM diffusion. The TJ water is joined by a current from the south between 90°a nd 80°W, and both water masses upwell off Peru. Overall, the TJs in solutions G2 and H5 are very similar, suggesting that they share common dynamics. , and those that are less than 1/10 of the sample vector are deleted.
The strength of the TJ strongly depends on M in our idealized-ocean model. Does the global model show a similar sensitivity to the IOC? In contrast to the idealized model, when the IOC is blocked (solution G3) the TJ transport is almost unchanged from that of solution G2 (Fig. 10c) . This similarity between the two solutions seems to suggest that the IOC is not the primary source of water for the southern TJ in solution G2; instead, the TJ is primarily a branch of a basin-scale meridional overturning cell in the South Pacific, one that is closed by subduction of subthermocline water at midlatitudes (Tsuchiya 1981) . On the other hand, the temperature of the TJ core, as well as the thermostad, warms in solution G3 by 1°C. This change indicates that the IOC does influence the TJ source waters: With open Indonesian passages, warm water is drained from the Pacific basin, requiring that colder subthermocline wasters move into the Tropics to supply the TJ; when the passages are closed, the Pacific circulation compensates by strengthening the South Pacific overturning cell.
Summary and discussion
In this paper, we investigate the dynamics of the southern TJ by obtaining a suite of solutions to an idealized OGCM. Solutions are forced by zonal and meridional winds, x and y , by a relaxation of SST to T*( y), and by a prescribed throughflow transport, M, across basin boundaries, namely, a middepth inflow across the southern boundary and a near-surface outflow across the western boundary just north of the equator. To see if the processes identified in our idealized solutions occur in a more realistic setting, we also obtain several solutions to a global model.
In a solution forced only by M (solution H1), most of the inflow flows along the western boundary directly to the outflow port. The thermocline is highly unrealistic in this solution, being confined to the first level of the model; this deficiency is a consequence of the outflow draining warm water from the surface layer without there being any warm-water source in the interior ocean. When a zonally uniform y is added (solution H2), the inflow water does not flow directly to the outflow port, but first flows eastward across the basin as a broad, subsurface current to upwell at the eastern boundary, thereby generating a thick subthermocline layer in the interior ocean; the upwelling converts the cold inflow water into warm surface water, allowing the existence of a warmer, more realistic, equatorial thermocline. When y weakens to the west and so has curl (solution H3), the subsurface, eastward current forms a narrow jet, the model's TJ, with the thick subthermocline layer confined north of it to form the model's equatorial thermostad. When x is added (solutions H4 and H5), the TJ narrows more and shifts closer to the equator; the thermostad thickens to the east, a result of the tilt of the equatorial thermocline. These, and other, properties support the idea that the dynamics of the model's TJ are those of an arrested front, which in a 2 1 ⁄2-layer model is generated when characteristics of the flow merge or intersect (section 1).
In the standard solution (solution H5), TJ pathways change with depth: At shallower depths, they end at locations along the eastern boundary closer to the equator and bend more sharply to the equator to the west. As a consequence, deeper water joins the TJ from the western boundary whereas shallower water bends from the bottom of the EUC to join the top of the TJ, similar to the Jochum and Malanotte-Rizzoli (2004) solution. The latter process leads to an eastward increase in the transport and overall temperature of the TJ, and it also contributes to the eastward warming of the EUC core.
The importance of forcing by y , M, and T*( y) is confirmed in solutions when one of the forcings is neglected. In a test solution with y ϭ 0 (solution P1), most of the subsurface water upwells along the equator, and there is no TJ. When M is reduced by a factor of 10 (0.75 Sv: solution P2), the TJ becomes much weaker, its core warms by 2°C, and the thermostad becomes diffuse. In a test with T* ϭ 25°C so that SST does not cool away from the equator (solution P3), the TJ transport weakens by half.
The model TJ is sensitive to the strength and parameterization of diffusion. When a background vertical diffusivity of 0.1 cm 2 s Ϫ1 is used (solution M1), a commonly used value in OGCMs, the TJ weakens considerably and the thermostad is less well defined. While effects due to background horizontal diffusion are moderate (solution M2), including GM thickness diffusion with a typical coefficient of 1 ϫ 10 7 cm 2 s Ϫ1 (solution M3) broadens the thermal front at the edge of the thermostad, thereby significantly weakening the TJ. The sensitivity of our solutions to diffusivity suggests that excessive diffusion may be the reason why TJs have been difficult to simulate in OGCMs: With weak or no interior diffusion, the only process that can warm subsurface waters is wind-driven upwelling, which is confined to regions where the thermocline is thin; with commonly used diffusion strengths, there is significant upward motion away from dynamical upwelling regions, thereby altering the pathways of the subthermocline waters and eliminating a need for TJs.
Solutions to a coarse-resolution, global OGCM develop southern TJs with properties similar to those for our idealized model. With b ϭ 0.1 cm 2 s Ϫ1 in the upper ocean (solution G1), a diffuse TJ develops similar to the one in solution M1. When b is set to zero in the upper tropical Pacific (solution G2), the southern TJ forms a distinct core with a better defined thermostad, as in solution H5. In contrast to the idealized model, however, the TJ speed and transport remain almost unchanged when the IOC is blocked (solution G3), suggesting that much of its water is supplied by an overturning cell confined within the Pacific basin. At the same time, the TJ and thermostad are warmed by about 1°C, indicating that the IOC contributes to the source waters of the TJ in solution G2. Since the TJ transport remains unchanged when the passages are closed, apparently the flow field adjusts by strengthening the South Pacific overturning circulation.
Solutions are also sensitive to viscosity. A solution with higher horizontal resolution and lower horizontal viscosity (solution F2) has similar TJ dynamics to those of the standard solution. In contrast to the standard run, however, the lower part of the EUC reverses to flow westward before joining the upper part of the TJ, likely a consequence of the need to conserve PV. In addition, the TJ develops multiple cores, each representing a jet in a different density layer. These changes suggest that the model is entering a dynamical regime in which nonlinear processes other than arrested-front dynamics are prominent. In this regard, it is noteworthy that the resolution of our fine grid is still not high enough to be eddy resolving. It is very possible, then, that our model will move into another dynamical regime as resolution is increased further, one in which eddy-mean flow interactions play an important role in TJ interactions, as suggested by Jochum and Malanotte-Rizzoli (2004) and Ishida et al. (2005) . In fact, the peak speed of our model TJ is considerably weaker and its meridional width is larger than in observations. Eddy or other effects may reduce these discrepancies through the generation of local recirculations, such as those described by Ishida et al. (2005) .
In conclusion, we have obtained solutions to OGCMs with a southern TJ that is comparable to observations in a number of aspects and consistent with arrestedfront dynamics. We are currently extending our investigation to consider the northern TJ, which MLY argued is driven by Ekman pumping in the ITCZ band. We are also exploring how TJ dynamics change with increased model resolution and weaker mixing as the system transitions to an eddy-resolving regime.
